Introduction
[2] Several slow slip events on Kilauea Volcano's southern flank were recently discovered using Global Positioning System (GPS) data [Cervelli et al., 2002; Segall et al., 2006; Brooks et al., 2006] . Slow slip events have also been observed by GPS networks worldwide in a variety of plate boundary environments including the Bungo Channel in southwestern Japan [Hirose et al., 1999; Ozawa et al., 2004; Miyazaki et al., 2003; Ozawa et al., 2001] , the Tokai region of Japan [Heki and Miyazaki, 2001; Miyazaki et al., 2006] , Cascadia on the western coast of the USA and Canada [Dragert et al., 2004; Rogers and Dragert, 2003] , and Guerrero in southern Mexico [Yoshioka et al., 2004; Larson et al., 2004; Lowry et al., 2001; Kostoglodov et al., 2003] . Slow slip events have durations of days to years, are observed at the Earth's surface by geodetic instruments, and are sometimes correlated with small bursts of coherent seismic energy in the 1 -10 Hz band termed nonvolcanic tremor. Periodic recurrence has been observed for some slow slip events with the most striking example being the 14-month repeat period for the slow slip events beneath Vancouver Island [Miller et al., 2002] . Szeliga et al. [2004] and Brudzinski and Allen [2007] additionally note three different periodicities of slow slip events along the Cascadia subduction zone: the previously mentioned 14-month period in the North, a 19-month period through Oregon, and 10 months in southern Oregon and northern California. Schwartz and Rokosky [2007] summarized circum-Pacific observations of slow slip events and their associated seismic signals.
[3] On Kilauea Volcano, a sequence of slow slip events large enough to be detected visually from the GPS time series have been identified [Cervelli et al., 2002; Segall et al., 2006; Brooks et al., 2006] . Times of the seven previously identified slow slip events are listed in Table 1 denoted with citations. A subset of four of the slow slip events were noted to exhibit a 774 ± 7 days (2.11 ± 0.01 years) recurrence time by Brooks et al. [2006] .
[4] Strong temporal correlations have been observed between slow slip events and nonvolcanic tremor in various subduction zones suggesting that the signals are related [Rogers and Dragert, 2003; Obara et al., 2004; Ozawa et al., 2004; Payero et al., 2008] . While some researchers have proposed that tremor results from fluid flow [Kao et al., 2005; Rogers and Dragert, 2003] , Shelly et al. [2006] showed that 80% of the tremor was composed of waveforms from known low-frequency earthquakes. These low-frequency earthquakes were shown to have shear faulting mechanisms with the same orientation as large subduction events in the area [Ide et al., 2007] . However, nonvolcanic tremor on Kilauea has not been observed to date.
[5] Slow slip events can release strain without radiating significant seismic energy, but these events can be observed with continuously recording geodetic networks. Regardless of duration, any slip causes stress redistribution, which impacts the state of stress on a fault. Thatcher [2001] suggested that the stress perturbation from each slow slip event in Cascadia may bring the fault closer to failure. If the fault is near enough to failure, an individual slow slip event may trigger a megathrust, or in the case of Kilauea, a catastrophic landslide [Moore et al., 1994] .
[6] Segall et al. [2006] and Brooks et al. [2006] also noted that each of the Kilauea slow slip events was accompanied by increases in south flank microseismicity, although the cumulative magnitude of these events are far too small to account for the displacements observed at GPS sites. Segall et al. [2006] showed that the 2005 slow slip event began before the associated seismic swarm. In addition, they used the seismicity rate theory of Dieterich [1994] to show that the temporal evolution of the 2005 swarm was consistent with stress changes due to the 2005 slow slip event, making the swarm events ''coshocks'' and aftershocks of the slow slip event. The seismicity rate increased while the slow slip event was in progress and decayed to background levels after the slow slip event finished.
[7] Here we investigate the sequence of slow slip events that occurred on Kilauea since mid-1997. In our investigation we (1) produce a catalog of slow slip event times and displacement patterns of previously identified and newly discovered slow slip events, (2) invert the GPS displacements to determine the depth and spatial distribution of slip, and (3) correlate geodetic observations of these slow slip events with seismicity patterns.
Geologic Setting
[8] Kilauea is a shield volcano on the Big Island of Hawaii, and is one of the most active volcanoes on Earth. Kilauea's major volcanic and tectonic features include a summit caldera, rift zones in the East and Southwest, and east-west trending cliffs (''Palis'' in Hawaiian) marking the head scarps of the large-offset Hilina normal fault system (Figure 1 ). Eruptions have been nearly continuous for over 25 years in the East Rift Zone (ERZ), but both the summit and the Southwest Rift Zone continue to deform [Miklius et al., 2005] .
[9] Kilauea is a very asymmetric volcano perhaps resulting from volcanic spreading [Borgia, 1994] and the concurrent growth of nearby Mauna Loa [Lipman et al., 2006] . Instability due to volcanic spreading has also been suggested as the cause of the many large submarine landslides observed offshore of the Hawaiian Islands [Moore et al., 1994] .
[10] Earthquakes clustered on a planar structure at depths between 8 -10 km define a boundary beneath Kilauea's south flank, south of the two rift zones [Got and Okubo, 2003] . A planar structure at the same depth was imaged by a shipboard seismic reflection survey spanning several tens of kilometers offshore; the reflections also illuminated what appears to be the toe of a landslide at its southern extent [Morgan et al., 2000] . It has been postulated that this subhorizontal feature is a detachment fault at the contact between the base of the Brooks et al. [2007] . Angles (q) are reported for the candidate events that exceed the threshold to be considered a possible slow slip event similar to either the 2005 and 2003 reference events. Both angles are reported if the candidate event's angle exceeds both thresholds, and the events are grouped by which event was most similar. Probabilities presented indicate the likelihood that the candidate event is a slow slip event.
b Probabilities based on correlation with the most similar slow slip event reference. The event in 2007 is not studied here because of its close association with a large dike intrusion.
volcanic pile and the much older Cretaceous sea floor sediments [Hill, 1969] . It is believed that this detachment is the fault that ruptured during Kilauea's two historic tsunamigenic M > 7 earthquakes in 1868 and 1975 [Ando, 1979; Furumoto and Kovach, 1979; Lipman et al., 1985] , although it has been suggested that the 1868 event rupture must have extended beneath Mauna Loa as well [Wyss, 1988] .
[11] Quasi-steady deformation on the south flank between 1990 and 1996 is well modeled by 21 cm a À1 of seaward slip on a nearly horizontal detachment fault extending offshore at 10 km depth and a similar amount of opening in the deep ERZ [Owen et al., 2000b] . Vertical sea floor deformation measurements from 2000 to 2005 show that deformation of the flank continues offshore [Phillips and Chadwell, 2004] and the vertical displacements are well-fit by Owen et al.'s [2000b] decollement model. Earthquake locations for nearly all midcrustal earthquakes (5-10 km deep) recorded between 1998 and 2004, however, have epicenters between the rift zones and the Palis perhaps implying some variation in physical properties south of the Hilina Pali faults [Got and Okubo, 2003] . The larger Hilina fault structures are mainly interpreted to be either (1) deep-rooted faults related to the basal detachment, on the basis of deformation measurements [Lipman et al., 1985] and seismic tomography [Okubo et al., 1997] or (2) shallow listric normal faults, on the basis of fault offsets and rotated lava flows south of the Palis [Cannon et al., 2001] , or slump structures in seismic reflection data [Morgan et al., 2000] .
[12] Slow slip events on Kilauea's southern flank have been identified as accelerated southward displacements lasting 2 days, with maximum displacements of up to 2 cm at the coast, localized in the area south of the Hilina Pali faults [Cervelli et al., 2002; Brooks et al., 2006; Segall et al., 2006] . One example time series is shown in Figure 2 , while displacement fields due to several slow slip events are shown in Figure 4 . Note that stations north of the East Rift Zone (e.g., NUPM and WAOP) displace southward during slow slip events. The displacements at these sites are critical for differentiating slow slip events from rift zone intrusions, which produce displacements away from the rift (i.e., northward at sites north of the rift) [e.g., Owen et al. 2000b] . Although coastal sites experience steady-state uplift [Miklius et al., 2005] , many of these sites subside during slow slip events (Figure 3 ).
GPS Data Processing
[13] The continuous GPS data analyzed in this paper are from the Kilauea Volcano GPS network, which is collaboratively operated by the Hawaiian Volcano Observatory (HVO), Stanford University, and the University of Hawaii. Daily solutions are computed at HVO using the GIPSY/ OASIS II software developed at JPL in precise point positioning mode with nonfiducial orbits [Zumberge et al., 1997;  T. Gregorius, GIPSY-OASIS II: How it Works (self-published), 1996, University of Newcastle upon Tyne, New Castle, United Kingdom, available at http://www.ceg.ncl.ac.uk/ research/geomatics/geodesy/assets/gipsy-oasisIIHowItWorks. pdf]. After processing, the daily nonfiducial solutions are transformed into a global ITRF2005 reference frame [Altamimi et al., 2007] with a 7 parameter Helmert transformation provided by JPL.
[14] The first post processing step is to remove outliers, defined as any day for which a station's position is more than 2 cm higher or lower than the mean of that station's position for a 5-day window. Typically, this amounts to only a few days of data for each site over the 10-year time span of available data. Intrusions or earthquakes (e.g., intrusions in January 1997 and June 2007) can result in larger mean displacements within a 5-day window. However, no geologic event in this data set, spanning January 1998 to April 2007, produced mean displacements exceeding 2 cm in any 5-day window.
[15] A Kalman filter is used to estimate average station velocities and errors in the daily realization of the GPS reference frame. We estimate and remove an average velocity to highlight deviations from this quasi-steady state. On Kilauea's south flank, some sites display quasi-steady motions of up to 7 cm a À1 (Figure 1 ). To help constrain the reference frame, we include one station each on Mauna Loa, Mauna Kea, Hilo, and Maui, and two sites Oahu; these stations are not included in the following analysis of the slow slip events. Some sites, such as those near Kilauea's summit, have highly variable displacements over time and because of that variability, their average velocity is not meaningful. To estimate the velocity and reference frame corrections, we use the observation equation, modified from Miyazaki et al. [2003] :
where X are the daily positions of each station, X o are initial station positions at t = t o , L are random benchmark motions, v are the average velocities of each station, F is a linearized Helmert transformation, f is a vector of frame translations and rotations which are modeled as a white noise process, and e are the remaining errors and nonlinear motions. At several points in the time series, steps occur because of geologic events, or equipment changes. At these times, we increase the variance of L to a large value, thereby allowing for offsets in the time series without influencing the velocity or reference frame terms. Only one equipment change was reported at a site on Oahu, which is not used in later analysis. Following estimation, we remove the average velocity of each site as well as the estimated reference frame errors. The residual time series are analyzed for slow slip events.
Identifying Slow Slip Events

Motivation
[16] The previously identified slow slip events on Kilauea are clearly visible as offsets in the GPS time series (e.g., Figures 2 and 4 , map view) [Cervelli et al., 2002; Segall et al., 2006; Brooks et al., 2006] . There may, however, be smaller events that are not easily visible in the data. Identifying additional events will help us determine fundamental properties of slow slip events, such as how often they occur, their size distribution, and if they are periodic or follow simple recurrence relations.
[17] The Kilauea slow slip events were initially identified on the basis of the spatial coherence of the GPS displacements for stations on the south flank, differentiating them from other events such as eruptions/intrusions, or reference frame errors. Reference frame errors are also spatially coherent but the coherence extends across the entire network [Cervelli et al., 2002] , not just the south flank stations. Intrusion induced deformations in Kilauea's rift zones show [18] Although they might be too small to see easily in the time series, there may be other events that have displacement fields similar to previously identified slow slip events. These events could be easily missed by visual inspection, but could be identified by an automated algorithm. Therefore, an automated method to search for events with similar displacement patterns is highly desirable. This method could easily be expanded in the future to search for other types of events including magmatic events.
[19] In section 4.2, we develop an algorithm that can be used to search for slow slip events that may not be visible in the GPS time series. We attempt to find new, perhaps smaller, events by comparing the spatial patterns of displacements with those of previously identified events. This method assumes the events we seek produced displacement patterns similar to previous events and over similar time intervals (2 days).
Identification Procedure
[20] Before attempting to identify slow slip events, a standard method of computing the displacement offsets at Table 1 . Displacements are computed from a 10-day window on either side of the event as in Figure 2 . (black) Observed with 95% confidence ellipses; (red) Predicted from the indicated slip model. The decollement fault plane is constrained to a depth of 7.5 km, and Green's function's include layered elastic structure and a topographic correction. (bottom, right) The diagonal elements of the resolution matrix on the fault plane. The green crosses are the catalog earthquake locations from 1 day before to 10 days after each slow slip event.
each GPS station must be defined and computed for each previously identified and each candidate slow slip event.
Previously identified events lasted 36-48 h [Cervelli et al., 2002; Segall et al., 2006] , and thus appear almost as offsets in the daily GPS time series.
[21] We determine displacements for each candidate event using a running mean of 10 days on either side of a 3-day window surrounding the candidate day. The 3-day window is longer than the duration of the well-studied Kilauea slow slip events in 2000 [Cervelli et al., 2002] and 2005 . Since the steady-state velocity was removed from the entire time series, we compute the displacement from a 23-day window of data (d i À 11:i À 1 to d i + 1:i + 11 ) at each candidate time as
where H(t i ) is a heavyside function at time t i , and d o is an initial position at the beginning of the current time window.
[22] The reference displacements, to which we compare candidate slow slip events, are computed from the single uniform slip dislocation model that best fits the displacements observed from 2005 slow slip event (discussed below). The reference event displacements exhibit the main characteristics of many of the slow slip events on Kilauea (Figure 5 , left). The largest displacements are in the southeast at the coastal sites (KAEP and PGF4) and decrease to the north and west. Because of recently active lava flows, there are no GPS sites east of KAEP near the coast.
[23] The displacements determined from a similar uniform slip model of the 2003 slow slip event will also be tested as a reference because this event has different displacements from the other previously identified events, and occurred mainly in the eastern part of the network [Brooks et al., 2006; Segall et al., 2006] . We use the computed displacements as a reference, rather than the observed displacement field because we want to avoid matching the noise that dominates the observed displacements at far-field GPS sites. We also tested a stack of the four largest previously identified slow slip events, which had similar features to the 2005 modeled displacements, but the far-field sites were again randomly oriented. Because we are specifically interested in finding small slow slip events, false detections can arise from matching small, but randomly oriented, observed far-field displacements. While not influencing matches to the 2005 slow slip event, the negative effects of matching the far-field noise are particularly prominent in the case of the 2003 slow slip event, for which the majority of the observed displacements occur at just three of the sixteen sites.
[24] As a measure of similarity, we take the projection of the 3N-dimensional candidate displacement vector onto the 3N-dimensional reference vector, where N is the number of stations available in each candidate displacement field. We put the three components (east, north, and up) of displacement at each site into a 3N-dimensional column vector,
The angle, q, between the reference vector, Dd ref , and each candidate displacement, Dd is determined from the dot product of the two vectors:
where Àp < q < 0. When the candidate displacement field is similar to a slow slip event, the 3N-dimensional vectors are nearly parallel, resulting in an angle, q, close to zero. The time series of angles, q(t), is peaked at the times of the slow events, with the height of the peaks being a measure of the vectors' similarity, which is later converted to a probability. Note that q(t) is independent of the magnitude of the displacement. Thus small amplitude events with the same spatial pattern of the reference can be detected.
[25] The Kilauea GPS network contains significantly more stations to the south of the rift zones than north. It is important to differentiate accelerated southward flank motion due to slow slip events from transient expansion in the rift zones. Both processes produce southward displacements in GPS stations south of the rift zones. To balance this effect, and increase our ability to discriminate between rift zone and flank events, we weight stations north of the rift zones and caldera five times heavier than the south flank stations. This roughly equalizes the sites north and south of the rift zones, which significantly, but not completely, inhibits false detections of intrusions as slow slip events.
Identification Results
[26] Candidate events that the algorithm identifies as similar to the reference event are indicated by a sharp peak at the time of the event with an angle, q, close to zero. The algorithm shows strong peaks for the three largest previously identified events (Figure 7a ), which occurred on 20 September 1998, 9 November 2000, and 26 January 2005.
[27] The candidate displacements are increasingly uncorrelated with the reference displacements for increasingly negative q. The 2005 event is most similar, with q = À0.52 radians ( Figure 7 ). This is expected since the reference displacements are computed from a model of this event. The remaining four previously identified events (Table 1) are also very similar with angles ranging from q = À0.54 to q = À1.00 radians. The 2003 event has a much larger angle We will discuss the 2003 event in more depth later in this section when we use it as a reference event to look for other similar slow slip events.
[28] Smaller, yet still prominent, peaks highlight the need for setting criteria for distinguishing new slow slip events from random noise. We start with the top 95th percentile of the angles between the reference and candidate displacements ( Figure 7c ) to provide a short list of events that we subjected to additional manual inspection. The next few paragraphs discuss both theoretical and numerical methods for determining an optimal threshold.
[29] To determine a theoretical mean and variance of the distribution of angles (q, equation (5)), we start by assuming normally distributed noise at each GPS station. Choosing a coordinate basis that is parallel to the reference vector, such that the unit reference vector has only one nonzero element equal to 1, say Dd 1ref , then equation (5) 
since Dd 1ref = 1. If the elements of Dd are randomly distributed, then as the dimension of the vector Dd increases, the ratio
kDdk approaches zero, so that the expected value of cos(q) is À p 2 on the interval [Àp, 0] . The variance of this distribution can be derived from the density of a multivariate normal distribution, which is constant over multidimensional ellipsoids [Anderson, 2003] . Normalizing the vectors produces a uniform distribution over a multidimensional unit ''spheroid,'' which has a variance of s 2 = 1/(D), where D is the dimension (3N) . Thus, the variance of the computed angles is [Anderson, 2003] . For numerical comparison, the angles between randomly generated multidimensional vectors were generated, and the mean and standard deviations of the resulting angles were computed ( Figure 6 ).
[30] The top 2s boundary based on this standard deviation is q = À1.28 assuming the average number of station components available (3N = 45). The observed 2s bound, however, is q = À1.00 suggesting that the observed distribution is influenced both by the presence of real events, and nonnormality of the errors. The lower 2s bound, which should be free of slow slip events, is also wider (q = À1.99) than predicted by the normal distribution (q = À1.84), so the theoretical bounds do not adequately define a threshold.
[31] In another approach, we can convert the computed angles into a probability, p, that a candidate event is a slow slip event by using the method of Hooper et al. [2007] . This method determines the probability density of an unknown population from one known population, the observed data, and a second modeled population of random occurrences. If we assume that the observed density of the angles, p obs (q), is the sum of the probability densities for a set of random occurrences, p r (q), and the set of slow slip events p ss (q), then the observed probability density can be written as
where 0 a 1. For observed angles q < Àp/2, the probability of being a slow slip event is small, p ss (q < Àp/2) % 0. We approximate p r as a Gaussian fit to the observed angles q < Àp/2. These probability distributions are presented in Figure 9 . Within this interval, the observed and random distributions should be proportional, and we estimate a conservative value of a as
The probability, then, that the value of q indicates a match to the reference event is
As with the InSAR persistent scatterers studied by Hooper et al. [2007] , the observations are not monotonically decreasing because of the presence of noise, so they are smoothed with a 9 point Gaussian window. The probability of each candidate event being a slow slip event is listed in Table 1 .
[32] After computing theoretical thresholds, and corresponding probabilities, we would like to compare these values to distributions derived from the observed data. To determine the distribution of angles that would arise by random chance, we generate 1000 random reference displacement fields and compare them to each candidate displacement. Figure 8a shows an example random displacement field (Figure 8a ) and the angles between this random reference and each candidate in the data set (Figure 8b ). No candidate days are as similar to this random reference as several candidates are to the reference on the basis of the 2005 slow slip event. For the entire set of 1000 random vectors, the mean angle is À1.57 (Àp/2) and the upper 2s bound is q = À1.29 (Figure 10 ), equivalent to the theoretical bound (equation (7)). We repeated this test using 1000 of the candidate days as random references (a broadly distributed worst case example is shown in Figure 8c ), rather than simply random vectors, and find similarly that the distribution of angles has a mean of À1.56, but upper 2s bound of À0.71 ( Figure 10) . A Q-Q plot of the random day angles show that they are not strictly normally distributed, which the theoretical mean and standard deviation computations assume.
[33] The theoretical 2s bound computed in equation (7) is q = À1.28, assuming an average number of available station components (3N = 45). This variance is consistent with the 2s bound of À1.29 from the distribution of angles computed from the 1000 randomly generated vectors, but not from the 1000 random days, indicating that the observed data are not independent (i.e., despite having removed a secular velocity, the stations are still much more likely to move southward than north). This leads us to believe that the probability estimated by equation (10) provides a more realistic threshold than the previously discussed theoretical bound (equation (7),
The spatial patterns of the slow slip displacements (Figure 4 ) are similar to the average steady-state velocities on Kilauea (Figure 1) . The angle between the 3N-dimensional vectors for the average velocities and the 2005 slow slip reference is q = À0.91, while for the 2003 slow slip reference, q = À2.0. These angles correspond to a probability of being a slow slip event of 60% and nearly zero, respectively. Therefore, slow slip events similar to the 2003 reference have very little chance of being confused with other background motions that may be temporally nonlinear, while slow slip events similar to the 2005 reference may. Typical steady-state displacement rates at coastal stations of up to 7 cm a À1 are much slower than slow slip velocities at the same sites of 350 cm a À1 (1 cm d À1 ) and require steady-state displacements to speed up by 50 times to reach slow slip velocities.
[35] Candidate events with angles close to p also exist (Figure 7) , which would seem to indicate that they are similar to the reference, but moving in the opposite direction. The candidates with angles close to p are in fact slight decreases in displacement rate relative to the steady-state velocity that was removed from the time series, and therefore appear as slight landward displacements in the detrended GPS time series.
[36] The 10-day averaging windows used to compute the displacements for each candidate limit the time resolution of the inferred slow slip events. In these cases, the candidate day with the largest vector norm jDdj of the 3N-dimensional vector is chosen. Because the detected events are not exactly the same as the 2005 event, perhaps because of somewhat different source location or unresolvable slip migration, the minimum q (maximum similarity) is not always the day with the largest displacements (maximum jDdj). For most candidate days with greater than 50% probability of being a slow slip event, the largest vector norm is on the day with the angle closest to zero; the rest are either the day before or the day after.
[37] We compute additional attributes of candidate events in the top 95th percentile including their magnitudes (the total amount of slip, integrated over the fault area, estimated in section 5) and number of coshocks and aftershocks. Since the larger previously identified events were all accompanied by heightened levels of microseismicity, we quantify the change in seismicity rate for each candidate by computing the ratio of the number of earthquakes 3 days after to 3 days before all potential slow slip events (Table 1 ). The microearthquakes are located in the box bounded by longitude À155.2551 and Figure 9 . Observed probability density for the distribution of angles, shown in dark gray, for the full range of observed angles. The probability density of random angles, simulated as a Gaussian distribution with mean p/2 and standard deviation of 1/ ffiffiffiffiffiffi ffi 3N p (dashed). The probability density of slow slip events is shown in black. À155.0296 and latitudes 19.2264 and 19.3538 (on the map: east between 2 km and 25.5 km, and north between À12.5 km and 1.5 km). A ratio greater than one indicates an increase in seismicity following the slow slip event and less than one indicates a decrease.
[38] Since the potential new events are all very small, the increase in seismicity may not be as intense as observed for the previously identified larger events. The day after the 2005 slow slip event had >50 earthquakes in an area that typically experiences an average of 1.6 earthquakes per day, resulting in a ratio (after/before) of 10.5. The remaining previously identified events produced 10 earthquakes per day, with seismicity ratios of 2-4. Although the previously identified slow slip events coincide with heightened seismicity, not all potential new slow slip events coincide with increased seismic activity. Additionally, as can be seen from Figure 7b , not all swarms of microseismicity coincide with potential new slow slip events as identified by the similarity of their displacement fields. In fact, 90 days in the study period had >5 earthquakes, however only six of those days correlate with slow slip events.
[39] Five potential new slow slip events are identified as similar to 2005 slow slip event, beyond those previously identified (Table 1 ). The potential slow slip event with the highest probability of being a slow slip event (75%) and the second largest overall earthquake ratio, occurred on 29 May 2000, 2 months after a M5.0 South Flank earthquake on 2 April 2000 [Miklius et al., 2005] . This earthquake's epicenter was midway between the bend in the East Rift Zone and the Hilina Pali. Because the candidate displacement fields are computed with a 10-day trailing window, the 29 May 2000 slow slip displacements are likely not influenced by the M5.0 earthquake; aftershocks from the M5.0 earthquake had also subsided by this time. The similarity in displacement fields, the elevated microseismicity ratio, and the lack of other magmatic or tectonic events at this time provides compelling evidence for a slow slip event on 29 May 2000.
[40] The remaining four potential slow slip events have less similar displacement fields to the 2005 reference event with angles of q = À0.98 to q = À1.00 corresponding to a 55 -56% probability of being a slow slip event. Although these events are in the top 95th percentile, they correlate less well with the 2005 reference event than the average velocities (Figure 1 ) for which q = À0.91. They are also not associated with significant increases in seismicity, with ratios ranging from 0.7 À 1.36. The most recent possible new slow slip event in Table 1, [42] Ten candidate events are indicated as possible slow slip events by the 2003 reference, however, most are duplicated from those that match the 2005 reference; two additional potential events are uniquely identified by the 2003 reference ( Figure 13 ). Both events are small and have much less similar displacement fields with angles of q = À1.06. The 27 April 1999 candidate has an earthquake ratio of 0.37, while the earthquake ratio for the 6 May 2004 candidate is 1.7. Although these angles correspond to a 70% chance of being a slow slip event given the distribution of candidates similar to the 2003 event, neither is large enough, or accompanied by significant coshocks and aftershocks, to make a compelling case.
[43] The four events that have the strongest similarity to the 2005 slow slip event (20 September 1998, 9 November 2000, 16 December 2002, and 25 January 2005; all previously identified events), appear to be somewhat periodic. They are each separated by approximately 2.11 ± 0.01 years ( Figure 7 ) [Brooks et al., 2006] . Overall, however, the detected events do not exhibit periodic behavior. Including all events with probability of over 75%, the mean recurrence time is 0.94 years with a standard deviation of 0.61 years. The whole sequence also appears to be neither time-predictable [Shimazaki and Nakata, 1980] nor slip-predictable [Bufe et al., 1977] (Figure 11 ).
Slow Slip Source Location and Geometry
[44] The next step in understanding the Kilauea slow slip events is to accurately determine the locations of the slow slip source. A Monte Carlo method [Metropolis et al., 1953] is used to find the distribution of fault-source parameters assuming a uniform slip dislocation in a homogeneous isotropic elastic half-space for the 2005 slow slip event. Cervelli et al. [2002] assumed a half-space model and found that the November 2000 event likely occurred on a shallow dipping thrust fault at a depth of 4.7 km. However, on the basis of the results of Segall et al. [2006] , we believe a deeper source may be more realistic. Segall et al. [2006] showed that the 2005 slow slip event was accompanied by coshocks and aftershocks located at depths between 6.5-8.5 km. Assuming Dieterich's [1994] seismicity rate theory applies, they also showed that the temporal evolution of earthquakes was consistent with the static stress change due to the slow slip. Despite shallower half-space source results, depths of 6.5-8.5 km are more consistent with the locations of the triggered seismicity. Slip models constrained to these depths fit the 2005 GPS data nearly as well as shallower models, highlighting a lack of depth resolution in the GPS data.
[45] In this section, we test whether the optimal geodetic depth can be reconciled with the aftershock locations by including the effects of both topography and a layered elastic structure in the forward models. We explore four different forward models: uniform elastic half-space, layered elastic half-space, uniform elastic structure with topographic correction, and layered elastic with topographic correction.
Topography
[46] The subdued topographic slopes of shield volcanoes, such as Kilauea, might suggest that topographic variations do not significantly influence the deformation field, leading most researchers to focus on elastic half-space models. However, many researchers using perturbation methods, or boundary and finite element models, have found that even modest topographic variations can influence the deformation field [McTigue and Segall, 1988; Cayol and Cornet, 1998; Williams and Wadge, 1998 ]. Cayol and Cornet [1998] found that average slopes of a volcano's flanks exceeding 20% can lead to a 15-20% miscalculation of the change in volume of a Mogi source in a half-space. McTigue and Segall [1988] found that characteristic slopes of 10-20 o could produce corrections as large as 20-40% in two-dimensional models. Average slopes on Kilauea are about 10 o , but maximum slopes can be as much as 20% onshore and 40% immediately offshore on the basis of combined digital elevation models (DEM) and bathymetry. Consequently, the source parameters estimated by inversion can be significantly altered.
[47] We explore whether topography on the south flank of Kilauea is sufficient to influence the optimal depth of the slow slip sources. The topographic model used (Figure 12a ) combines a surface DEM from SRTM (http://www2.jpl.nasa. gov/srtm/dataprod.htm) with bathymetry from TOPEX (http://topex.ucsd.edu/marineopo) [Yun et al., 2005] .
[48] We use the method of Williams and Wadge [2000] which provides a quasi-analytical technique for including topographic effects of small slope. The topographic correction is the sum of two terms; the first is the product of topography and the vertical derivatives of the zero-order (half-space) solution. The second term is a function of stresses from the zero-order (half-space) solution and Green's functions from an elastic half-space. All of these terms are known or can be computed from the half-space solution and topography. The topographic correction must be computed over an area far beyond the extent of the network to avoid edge effects.
Heterogeneous Elastic Structure
[49] Most volcano deformation models are computed in a homogeneous elastic half-space [e.g., Okada, 1985; Mogi, 1958] . However, the structure under Kilauea is a composite of the volcanic pile and the oceanic crust below. We assume a plane-layered model in which the shear modulus for each layer is estimated from the s-velocity and the density (m = V s 2 r). V s is determined from the average p-velocity and V p /V s ratio tomography results of Hansen et al. [2004] . Estimated densities in the top layer are consistent with those found in cores from the Hilo drill hole ranging from 2.0 -3.1 g cc À1 between 889 and 3097 m below the surface [Moore, 2001] , and increase slightly with depth. Hill and Zucca [1987] report densities of 2.9 g cc À1 for the lower crust, and 3.25 g cc À1 for the upper mantle off the coast of Kilauea on the basis of combined onshore Bouguer gravity and offshore free-air gravity data. We approximate the structure of Kilauea with four layers including shallow volcanic crust (0-3 km, m = 24 GPa), volcanic midcrust (3-9 km, m = 40 GPa), Cretaceous sea floor (9 -20 km, m = 60 GPa), and upper mantle (>20 km, m = 80 GPa) (Figure 12b ). Poisson's ratio (v) is 0.25 for all layers.
[50] We use the propagator matrix method [Segall, 2009] , which provides an analytical solution for a vertically stratified elastic half-space. In the implementation of the propagator matrix method, the solution for a point source in a layered elastic media is computed and the finite dislocation is achieved by numerically integrating the sources using Gauss quadrature.
Effects of Topography and Layering
[51] While a rigorous approach would be to compute the topographic corrections by perturbing the flat multilayered solution, this approach would require computing the surface parallel stresses and the Green's functions in the layered media. Instead, we use a simpler approach. Solutions including the topographic corrections and layered elastic structure are combined by computing the zero-order solution from the layered elastic Green's functions and applying topographic corrections computed from the homogeneous half-space solutions.
[52] The four different structural (forward) models produce similar distributions of source parameters, except for source depth. We compare the posterior distributions of accepted model depths for the 2005 event from each of the four forward models in Figure 14 . Note that the uniform halfspace model favors depths that are too shallow to coincide with the depths of the coshocks and aftershocks. Both the topographic correction and layered elastic structure deepen the depth distribution by a small amount, and the combination of the two puts the 2005 slow slip event at depths consistent with those of its coshocks and aftershocks . This analysis suggests that the slow slip and the coshocks and aftershocks occurred on the same fault structure.
[53] To obtain a distributed slip model for the slow slip events, we extend the best fitting uniform slip plane in length and width, and linearly invert for distributed dip slip on the decollement surface including the effects of topography and layered elastic structure in the Green's functions. We apply a Laplacian smoothing operator and a nonnegativity constraint requiring that all slip be seaward. Smoothing weights are determined by the L-curve criteria [Hansen, 1992] in which various values of the smoothing weights are tested (Figure 15 ). Increased smoothing decreases the model roughness, which is defined as the norm of the product of the smoothing operator and the slip model. The optimal smoothing weight is chosen when the weighted residual norm begins to increase rapidly relative to the model norm.
[54] Although the resolution of offshore slip is limited (Figure 4) , we can see that the pattern of deformation is very similar from event to event, except for the 2003 event, which has slip concentrated to the east of the GPS network (Figure 4 ). This indicates for the most part that each of these events slip the same fault plane over and over again.
[55] Slow slip events and the steady-state sliding on Kilauea's south flank are both likely driven by seaward gravitational spreading [Delaney et al., 1998 ] and/or deep rift opening [Swanson et al., 1976] with slip accommodated at the interface of the volcanic pile with Cretaceous sea floor. Steady-state velocities at sites across nearly the whole south MONTGOMERY-BROWN ET AL.: KILAUEA SLOW SLIP EVENTS flank from 1990 -1996 consistently displace to the southsoutheast [Owen et al., 2000a] , while the slow slip event displacements localize to a much smaller area just offshore south of the Palis. The locations of slow slip event models are coincident with a seaward extension of the slip model of Owen et al.'s [2000a] steady-state deformation between 1990 -1996, but no slow slip events are detected in the far western part to the south and west of the central caldera ( Figure 16 ).
[56] The maximum slip during the 2000 and 2005 slow slip events is as much as 0.1 m. The other, smaller events had between 0.05 -0.1 m of slip. Owen et al. [2000a] estimated about 0.28 m per year of steady slip on the decollement using a uniform elastic half-space model. Assuming a roughly 2-year repeat time, the slow slip events thus do not accumulate enough slip to account for the entire steady-state slip budget in that area, although there is a trade off between the amount of slip and the size of the area that slipped.
[57] Additionally, the decollement under Kilauea is known for producing large tsunami-genic earthquakes like the M7.2 1975 Kalapana earthquake [Ando, 1979; Furumoto and Kovach, 1979; Lipman et al., 1985] that the highest amounts of slip occurred in similar locations as the slow slip events. However, slip extended 30 km offshore during the earthquake whereas the slow slip appears to be limited to 10 km offshore. Aftershocks of the 1975 Kalapana earthquake were also confined to the zone between the rift zone and the Palis [Klein et al., 1987] . The ability of a single structure to host differing types of events like slow slip and regular earthquakes suggests highly variable physical properties on the fault surface.
[58] The limited offshore resolution on Kilauea brings into question how much of the offshore slip is required by the data. We test this by successively limiting the offshore extent of the fault by increments of 1.5 km. When offshore slip is not allowed, the large displacements at coastal GPS sites cannot be fit. If slip is constrained to be entirely offshore, all displacements are significantly underpredicted. Reasonable fits can be obtained when slip extends at least 15 -20 km offshore, which is consistent with the seaward extent of the Hilina slump [Morgan and McGovern, 2003] .
[59] We also test whether slip can be constrained to areas south of the large offset normal faults (Palis). Limiting slip to an area south of the Hilina Pali produces nearly equal misfits to models that allow slip on the whole rectangular fault. Limiting the slip to an area south of the smaller Holei Pali, however, is unable to fit the displacements at western flank sites (PGF1, PGF5, PGF6 ). Slip appears to be unconstrained by Holei Pali, although, Hilina Pali may influence where slow slip occurs.
Time-Dependent Geodetic Inversion
[60] Daily solutions from GPS data are far too coarse to study the time evolution of the Kilauea slow slip events, which last only about 2 days [Cervelli et al., 2002; Segall et al., 2006] . There are many ways to obtain finer temporal resolution using kinematic GPS processing. We employ the Kalman filter method of Cervelli et al. [2002] which uses the spatial coherence of displacements due to fault slip to minimize the impact of multipath and other spatially incoherent noise sources. This approach requires estimation of just one scalar slip instead of independent station positions (42 total position components for the 2005 event), which effectively boosts the signal-to-noise ratio in the estimated slip.
Methods
[61] The Kalman filter method of Cervelli et al. [2002] directly estimates the time evolution of slip from raw doubledifferenced ionosphere-free carrier phase, F (t), and pseudorange P(t) observations [e.g., Hoffmann-Wellenhof et al., 1990] . Given the small station displacements due to the slow slip events, kinematic station positions are likely dominated by multipath, caused by the GPS signals reflecting off of the ground or nearby structures, and perhaps unmodeled atmospheric delays. These error sources obscure the tectonic signals. The GPS carrier phase and pseudorange observables, sampled every 30 s, are modeled as
where r o are the predicted double-differenced ranges from the stations to the satellites, the matrix, A, of partial derivatives relate the double-differenced ranges to corrections in the station coordinates, dx(t), which vary through time, z is the time-varying tropospheric zenith delay, m w is a tropospheric mapping function and N are the sums of the integer phase ambiguities at the two GPS frequencies with wavelength l. Cycle slips in the phase ambiguities are detected and flagged in advance so that N can be reset within the Kalman filter at the times they occur; pseudoranges are unambiguous. We solve directly for a scalar slip, s(t), by substituting in the homogeneous elastic half space Green's functions, G, from the best fitting uniform slip fault:
s(t) is allowed to vary as a random walk in time, scaled by s s , which is chosen by trial and error such that the full amount of static slip, determined from the daily solutions in section 5, accumulates while still limiting scatter during the days preceding and following the transient deformation.
Subdaily Slip Model
[62] The time-dependent inversions show that for the 1998, 2000, and 2005 events, the slow slip events last from [Owen and Burgmann, 2006] and steady-state deformation [Owen et al., 2000a] . (bottom) Cross section of relocated earthquakes (NNW-SSE) parallel to the slow slip direction. Earthquakes are plotted for each of the five largest slow slip events from the start of the event to 10 days after. (Figures 17a -17c) , summarized in Table 2 . Each of the events also appears to follow a similar slip evolution that is well-approximated by a ramp function. To investigate whether slip migrated east-west or north-south during the largest 2005 event, we divided the south flank in two halves (E-W and N-S separately), and used the same inversion procedure to determine whether one patch slipped before the other. In both cases, the temporal pattern was the same as the single patch models (Figure 17a ) for both patches, although the total magnitude of slip on the individual patches in each case was slightly different. Thus, at this point, we are unable to resolve any propagation of the slow slip.
1.5-2.2 days
Seismic Data
[63] Although slow slip events in Cascadia and Japan are associated with nonvolcanic tremor [e.g., Rogers and Dragert, 2003; Hirose and Obara, 2006] , the most prominent seismic observation accompanying the Kilauea slow slip events is actually a sequence of small conventional (highfrequency) earthquakes Brooks et al., 2006] . The arrival times and catalog locations of earthquakes are archived at the Hawaiian Volcano Observatory. We show here that the seismicity rates follow a temporal pattern consistent with ''coshock'' and aftershock sequences resulting from the stress changes induced by the slow slip events.
Temporal Correlation With Slip
[64] Each of the larger slow slip events are accompanied by seismicity that occurs off the west and north edges of the imaged slow slip (Figure 16 ). The area around Poliokeawe Pali typically shows minor earthquake activity at a rate of 1 -2 earthquakes per day. During the 1998, 2000, and 2003 silent slip events, seismic activity increased to 10 -15 earthquakes per day (Figure 17a ). The 2005 silent slip event, however, was accompanied by significantly higher seismicity rates of up to 58 earthquakes per day, again, in the same locations. All of these earthquakes are small; the largest being a M3.4 in 1998.
[65] In all cases, the cumulative moment of the microseismicity is far too small to account for the observed surface deformation. The cumulative moment of the 2005 swarm, which was the most energetic, is 1.8 Â 10 14 N-m, which is more than 3 orders of magnitude less than the moment of the slow slip, 6.8 Â 10 17 N-m, determined from the GPS data. A nearby swarm of microearthquakes occurred almost 2 weeks after the 1998 slow slip event, but produced no measurable surface displacement (Figure 17c , approximately day 27). The cumulative moment of this swarm of 47 events was 2 Â 10 16 N-m, most of which was accounted for by a single M w 4.8 (1.9 Â 10 16 N-m) event.
[66] Although the microearthquakes do not account for the surface deformation, the temporal association of the microearthquakes and the slow slip events suggests a causal relationship between them. This relationship can be explained by either (1) the earthquakes begin first and unpin the fault, allowing the slow slip to occur or (2) the slow slip begins first and stresses the adjacent fault, increasing the seismicity rate. With accurate determination of the slow slip timing, and quantitative modeling of the induced microseismicity, Segall et al. [2006] showed for the 2005 slow slip event that the second interpretation is supported by the slip model and seismicity rates. Therefore, the microearthquakes can be thought of as ''coshocks'' and aftershocks of the slow slip events.
[67] Using the slip evolution models obtained in section 6.2 and the accompanying microearthquake occurrences, we determine whether each swarm follows a similar temporal pattern that is consistent with the slip evolution. The slow slip and microearthquake swarms are quantitatively related using the seismicity rate theory of Dieterich [1994] as it was applied for the 2005 slow slip event in the work of Segall et al. [2006] .
[68] Dieterich [1994] showed that the seismicity rate, R, is related to a background seismicity rate, r, the background stressing rate, _ t r , and a state variable, g, as
where N is the number of earthquakes, and t is time. g, a state variable, evolves with shear stress, t and normal stress, s, as
The cumulative number of expected microearthquakes, N, are computed for each event from a ramp function estimate of the slip model as given by Segall et al. [2006, equation 3] . The number of earthquakes depends on five parameters: (1) a characteristic aftershock decay time, t a , which can be computed from prior regular earthquakes; (2) the background seismicity rate of 1.33 events d À1 ; (3) the ratio of event stressing rate to background stressing rate; and (4) the onset and (5) the duration of the slow slip event. Only a change in the ratio of stressing rates, which determines the number of triggered events, requires estimation.
[69] Dieterich [1994] showed that characteristic aftershock decay times are given by the ratio of the fault constitutive parameter and the normal stress, to the background stressing rate, t a = As/ _ t R . We compute decay times on the basis of estimates from seven M > 5 earthquakes on Kilauea's southern flank, all of which occurred in the last 25 years at depths of 9 km between the East Rift Zone and the Hilina Pali. The earthquakes occur primarily in two clusters. One cluster is to the south of Pu'u 'O'o near the M5.1 used by Segall et al. [2006] , and also includes the 1989 M6.2 South Flank earthquake (t a = 19.3 days), and a 2007 M5.4 earthquake (t a = 11.1 days). Each of the earthquakes in this cluster have upward of 40 aftershocks. In a second cluster to the south of the bend in the ERZ, the character of the aftershocks changes significantly, with each event having fewer than 15 aftershocks. This cluster includes a 1989 M5.3 (t a = 0.2 days), and two M5.0 earthquakes in 2000 and 2003 (t a = 2.2 and 1.7 days, respectively). One M5.1 event in 1983 occurred south of Makaopuhi with an aftershock decay time of 7.1 days. We note that these aftershock decay times are shorter than those found by Dieterich [1994] and Dieterich et al. [2003] ; however, we are more concerned with fitting the aftershock rates immediately during and following an event than the longer-term decay rates.
[70] Quantitatively relating the slow slip and seismicity, with parameter values shown in Figure 17 , shows that the microearthquakes accompanying all of the modeled slow slip events follow a temporal pattern consistent with the seismicity being coshocks and aftershocks of their respective slow slip events. While Segall et al. [2006] used t a = 10 days on the basis of one earthquake, improved fits are obtained using shorter characteristic aftershock decay times of 7 days for the 2005 event and still shorter times of 1 -2 days for the 1999 and 2000 slow slip events. These shorter times are still within range of decay times observed above for M > 5 earthquakes on Kilauea. The 2005 event, which is the largest event and produced the most coshocks and aftershocks, a factor of 33 increase in stressing rate provides satisfactory agreement with the observed seismicity rates (Figure 17 ) . An increase in stressing rate closer to a factor of 10 provides the best fit to the 1998 and 2000 slow slip events (Figure 17) .
[71] The variation in aftershock decay times observed is consistent with Klein et al. [2006] , who showed that short aftershock durations on Kilauea's south flank are typical of regular earthquakes and result from high background stress rates. The slip during the 1998 and 2000 slow slip events was concentrated to the west of the 2005 event, and closer to the cluster of earthquakes with the shorter characteristic aftershock decay times. The 2005 slow slip event had a broader slip distribution including the eastern part of the GPS network south of Pu'u 'O'o, which extended nearer to the regular earthquakes that produce more aftershocks and longer characteristic aftershock decay times. We believe that the shorter aftershock decay times required to better model the seismicity rates in 1998 and 2000 are consistent with previous regular earthquakes in their respective locations.
Relocation of Microearthquakes
[72] To use microearthquakes to help constrain the depth of the slow slip events, we need very precise locations. Catalog locations for most south flank earthquakes are distributed over a wide range of depths (5 -12 km), but relocations show that they illuminate a subhorizontal plane [Got and Okubo, 2003; Hansen et al., 2004; Wolfe et al., 2007] . Wolfe et al. [2007] used full waveform cross correlations to relocate a set of earthquakes around three slow slip events (January 2005 , September 1998 , and November 2000 . They found that the earthquakes collapsed onto horizontally aligned streaks from 4.5-6.5 km deep. Wolfe et al. [2007] , who use only relative travel times, express concern over whether poor station geometry and velocity heterogeneity may bias their depth estimates. Here we relocate the coshocks and aftershocks of the largest slow slip events using both relative and absolute phase arrivals to constrain their depths.
[73] Since the slow slip coshocks and aftershocks were only observed by the Hawaiian Volcano Observatory's backbone seismic network, we relocated them jointly with a subset of south flank microearthquakes very precisely located by Hansen et al. [2004] . Hansen et al. [2004] deployed a temporary network of 29 three-component seismometers from November 1999 to June 2000 aligned roughly perpendicular to the East Rift Zone. Using the temporary network, in addition to the Hawaiian Volcano Observatory permanent network, Hansen et al. [2004] jointly inverted for earthquake hypocenters and the three dimensional velocity structure. They found that the earthquakes between the East Rift Zone and the Palis lie on a nearly horizontal surface at a depth of 7 -9 km. Although the temporary network was not deployed during any of the slow slip events, we can use the differential travel times between the Hansen et al. [2004] events and the slow slip swarm events to constrain the velocity structure and obtain absolute relocations for the swarm events accompanying the slow slip episodes.
[74] For this inversion, we do a full three-dimensional simultaneous double-difference relocation and tomography [Zhang and Thurber, 2003] including the coshocks and aftershocks of the largest slow slip events (September 1998 , November 2000 , July 2003 , and January 2005 , and the events detected during the Hansen et al. [2004] temporary deployment. With these five sets of phase arrivals, we have 1,384 earthquakes. The arrival times for the slow slip coshocks and aftershocks were automatically picked by the Hawaiian Volcano Observatory and arrival times for the 1999 -2000 events were provided by the University of Wisconsin. Differential arrival times are obtained by differencing the arrival times at common stations for event pairs with catalog locations within 10 km, resulting in 13,210 pairs with 150,315 P and 44,156 S differential times.
[75] We start with an initial one-dimensional velocity model based on the results of Hansen et al. [2004] . Velocity nodes are spaced every 2 km in the horizontal and every 2 km in depth down to 10 km, plus nodes at 15 and 20 km. Far field grid nodes in the horizontal directions are at ±200 km and at a depth of 300 km. The 71 seismic stations are all on the Island of Hawaii within 40 km of Kilauea's caldera, which include the 29 temporary stations from the 1999-2000 [Hansen et al., 2004] study. The deepest earthquake contributing to the velocity inversion is at 51 km, with 62 events deeper than 15 km.
[76] The aftershocks triggered by the slow slip events collapse onto a horizontal band between 6.5 -8.5 km (Figure 16 ). Most are clustered between the rift zone and the Palis, but there is a streak that extends south of the Palis and into the slow slip areas (Figure 16 ). The relative epicenters of these earthquakes are consistent with the results of Wolfe et al. [2007] , but are deeper, possibly because of the differing velocity models, and the differences between relocations using only relative travel times, versus those including both relative and absolute arrivals. The weighted RMS errors for the catalog data improve from 606 to 58 ms following relocation. The overall structure and magnitude of the velocity model obtained (not shown) are very similar to the model of Hansen et al. [2004] . Location errors can be estimated using the jackknife method [e.g., Waldhauser and Ellsworth, 2000] in which several relocations are performed while eliminating a different seismic station from each inversion. Mean standard deviations of shifts from the estimated relocations including all seismic stations are 0.08 km in the East, 0.09 km in the North, and 0.11 km for the vertical, while maximum shifts are 1.31 km, 1.2 km, and 1.72 km respectively. The inclusion of the 1999 -2000 data during the augmented deployment of Hansen et al. [2004] and the qualitative similarity to their velocity model provide additional confidence in the absolute depths of the events, to which we compare the optimal geodetically determined depths of slow slip events in Figure 14 .
Discussion
[77] Displacements from the Kilauea slow slip events and large flank earthquakes (e.g., M7.2 1975 Kalapana earthquake) occur in the same horizontal direction as the steadystate velocities, not as a reversal of motion, as in subduction zone events. This is likely because of the difference in driving forces between subduction and volcanic spreading. In the simplest sense, subduction zone fault slip is driven by the colliding plates, where strain is accumulated on a locked part of the subduction fault and released during megathrust earthquakes. The slow slip events, however, complicate this view in that some of the compressional strain accumulates on a portion of the fault down-dip of the locked zone. This downdip strain is periodically transferred to the locked zone during slow slip events. On Kilauea, the geometry is more landslidelike where gravity drives the seaward sliding of the south flank [Moore et al., 1994] . The seismically active zone on Kilauea between the rift and the Palis may slip in large flank earthquakes, like the 1975 M7.2 Kalapana earthquake, but perhaps structural features on Kilauea, like the Hilina Pali faults, influence the locations of the slow slip events Figure 18 . Schematic cross section of Kilauea Volcano showing the lateral relationship between the slow slip events and their aftershock locations. South flank tectonic structure adapted from Moore et al. [1994, Figure 6 ]. (Figure 18 ). However, there have been no reports of surface offsets on the Palis due to the slow slip events.
[78] The November 2000 slow slip event on Kilauea was associated with an unusually large rainfall event possibly influencing the slip with an increased surface load and reduction of the effective normal stress due to pore pressure from infiltrated water [Cervelli et al., 2002] . However, other slow slip events have not been associated with elevated rainfall [Brooks et al., 2006] requiring another mechanism for generating slip. Many proposed mechanisms for generating slow slip require reduced effective normal stresses, most likely because of high fluid pressures [Liu and Rice, 2007] . Ignoring pore fluid, which may be important beneath Kilauea's south flank, the 300 m elevation difference across the Palis translates to a 10 MPa normal stress difference between the slow slip regions and the seismic regions just to the north. However, a deep water table may exist, while overpressured pore fluids may also be present within the sediment layer at the base of the volcano.
[79] Locations of slow slip events in subduction zones are often explained by the presumed presence of metamorphic fluids lowering the effective normal stress. The source of the fluids in subduction zones is suggested to be metamorphic mineral phase transition to eclogite [Obara et al., 2004] at subduction zone temperatures and pressures. However, phase diagrams [Peacock and Wang, 1999] show that most of these reactions occur at high pressures and therefore greater depths that are not reached on Kilauea's decollement. One possibility for providing fluid to lower the effective normal stress at Kilauea is simply the collapse of pelagic sediment porosity. Expelling pore fluid can occur at much lower P-T conditions than mineral phase transitions (0-20 km, <200°C for models in Cascadia) and produces 5 -10 times the fluid flux of the mineral phase transitions [Hyndman and Peacock, 2003] . Hyndman and Peacock [2003] assumed sediment thickness of 1000 m and porosity of 7% for the oceanic slab in Cascadia on the basis of Ocean Drilling Program measurements. Pelagic sediment thicknesses offshore of Kilauea are closer to 80-100 m [Leslie et al., 2002] .
[80] Unlike slow slip events in Japan and Cascadia [Obara et al., 2004; Rogers and Dragert, 2003] , the Hawaiian events have not yet been correlated with nonvolcanic tremor. However, very few continuous seismic waveforms are available for the larger Kilauea slow slip events, and many stations are ''contaminated'' by volcanic tremor from the active eruption. Tremor also has not been detected during slow slip events in the Hikurangi subduction zone of New Zealand after an extensive search of waveforms from their dense seismic array; however, the slow slip events have been shown to correlate with seismic swarms [Delahaye et al., 2008] , similar to what is observed on Kilauea. The shallow locking depth (<20 km) and very cool temperatures (100 -150°C) of the Hikurangi subduction zone may be the most similar subduction zone analog to P-T conditions on Kilauea's decollement at their respective transition zones. While some phase transitions may be occurring, neither Kilauea nor New Zealand reaches the high pressures required for transition to initiate dehydration reactions that release significant water at the high lithostatic pressures at 350-450 km depths of the Japan and Cascadia subduction zone slow slip and nonvolcanic tremor events [Hyndman and Peacock, 2003 ].
The phase transitions are thus not likely primary fluid sources on Kilauea.
[81] The apparent periodicity of the four large events prompted a collaborative effort to instrument the south flank of Kilauea Volcano in anticipation of an event in mid-March of 2007. The new deployment included two permanent tiltmeters, nine short-period seismometers, three broadband seismometers, and several high-rate GPS stations. As of this writing, there was a dike intrusion in June 2007 with some indication that the anticipated slow slip event occurred during the intrusion [Brooks et al., 2008] , but additional work is still in progress [Montgomery-Brown et al., 2007] . If the intrusion did not alter the overall system, and the apparent 2-year periodicity of the larger events continues, it is possible that another event may occur in 2009.
Conclusions
[82] The major conclusions about the Kilauea slow slip events can be summarized as follows:
[83] 1. One new slow slip event (29 May 2000) was detected by searching for displacement patterns similar to previously identified events, with supporting evidence from increased seismicity during the event. Four other events had similar displacement fields to the references, but were very small and did not correlate with increased seismicity, and thus remain ambiguous. The eight confirmed slow slip events (plus the June 2007 combination intrusion/slow slip event not studied here) do not appear to follow either a periodic, slippredictable, nor time-predictable model.
[84] 2. Microearthquakes during and following all of the large slow slip events have been relocated; the events collapse to a band 6.5-8.5 km deep.
[85] 3. Including the effects of topography and layered elastic structure reconciles the range of acceptable depths for the Kilauea slow slip events with the depths of the inferred aftershocks to a depth range between 6.5 -8.5 km, further supporting the suggestion that the slow slip events and their aftershocks are occurring on the decollement beneath Kilauea.
[86] 4. Subdaily slip models for the 1998, 2000, and 2005 slow slip events show similar temporal evolutions, with each event lasting 1.5-2 days. There is no indication of slip migration, but migration may not be resolvable with the current GPS network.
[87] 5. Relating the slip histories of the 1998, 2000, and 2005 slow slip events to their accompanying microearthquake swarms shows that the microearthquakes are consistent with the predicted temporal evolution of coshock and aftershock sequences, assuming a rate-and state-dependent friction model.
